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ABSTRACT

This study investigates the recovery of the tropical atmosphere to moist conditions following the arrival of
a dry intrusion observed during the Tropical Ocean and Global Atmosphere Program Coupled Ocean–Atmosphere
Response Experiment (TOGA COARE). A cloud-resolving model was used to quantify the processes leading
to the moistening of the lower and middle troposphere. The model replicates the general recovery of the tropical
atmosphere. The moisture field in the lower and middle troposphere recovered in large part from clouds repeatedly
penetrating into the dry air mass. The moistening of the dry air mass in the simulation was due to lateral mixing
on the edges of cloudy regions rather than mixing at cloud top. While the large-scale advection of moisture
played a role in controlling the general evolution of moisture field, the large-scale thermal advection and radiation
tend to directly control the evolution of the temperature field. The diurnal variations in these two terms were
largely responsible for temperature variations above the boundary layer. Thermal inversions aloft were often
found at the base of dry layers.

The study also investigates which factors control cloud-top height for convective clouds. In both the obser-
vations and simulation, the most common mode of convection was clouds extending to ;4–6 km in height
(often termed cumulus congestus clouds), although the period also exhibited a relatively wide range of cloud
tops. The study found that cloud-top height often corresponded to the height of the thermal inversions. An
examination of the buoyancy in the simulation suggested that entrainment of dry air decreased the parcel buoyancy
making these inversions more efficient at controlling cloud top. Water loading effects in the simulation were
generally secondary. Thus, there is a strong coupling between the dry air and thermal inversions as clear-air
radiative processes associated with the vertical gradient of water vapor produce these inversions, while inversions
and entrainment together limit the vertical extent of convection. One positive impact of dry air on convection
occurred early in the simulation when clouds first penetrate the extremely dry air mass just above the boundary
layer. At this time in the simulation, water vapor excesses within the rising parcels strongly contributed to the
positive buoyancy of the clouds. In general, however, the impacts of dry air are to limit the vertical extent of
convection and weaken the vertical updrafts.

1. Introduction

The appearance of extremely dry air over the tropical
western Pacific has received a great deal of attention in
recent years (e.g., Parsons et al. 1994; Numaguti et al.
1995; Yoneyama and Fujitani 1995; Mapes and Zuidema
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1996; Johnson et al. 1996; Sheu and Liu 1995; DeMott
and Rutledge 1998; Yoneyama and Parsons 1999; Par-
sons et al. 2000). These dry air events are termed dry
intrusions, since the dry air originates aloft at higher
latitudes and subsides into the Tropics in long filaments,
several hundred kilometers in width. It is thus now quite
established that this dry air is not a consequence of
convection but, rather, it affects the behavior of con-
vection and precipitation. These extreme events were
apparently unknown before the Tropical Ocean Global
Atmosphere Coupled Ocean–Atmosphere Response Ex-
periment (TOGA COARE). Recently, Yoneyama and
Parsons (1999) showed that the intrusions are related to
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Rossby wave breaking and that the dry air could be
tracked back in time to the remnant circulation of middle
latitude baroclinic waves. They found that dry events
were present over the region ;9% to 17% of the time
during TOGA COARE. Recent examination of 20 yr of
meteorological analyses (Waugh and Polvani 2000)
shows that dry intrusions originating from the breaking
of Rossby waves propagating along the subtropical jet
are particularly frequent during the boreal winter. They
reported an average of 8 events per boreal winter over
the Atlantic and Pacific Oceans, the latter being the
dominant region with roughly 6 events per winter. After
the arrival of a dry intrusion, the typical timescale for
the whole tropical atmosphere to recover to moist con-
ditions is ;10 to 20 days, whereas the recovering of
the lower and middle troposphere is achieved within a
week (Parsons et al. 2000).

It has been established that dry intrusions have a pro-
nounced impact on cloud and radiative processes in the
Tropics (e.g., Numaguti et al. 1995; Yoneyama and Fu-
jitani 1995; Johnson et al. 1996; Mapes and Zuidema
1996; Brown and Zhang 1997; DeMott and Rutledge
1998; Parsons et al. 2000). Mapes and Zuidema (1996)
discussed the radiative impact of these extremely dry
air masses on convective instability over the tropical
warm pool in the western Pacific. They noted that the
typical vertical profile of longwave cooling was greatly
disturbed by the presence of extremely dry air within
the middle and lower troposphere. They further pro-
posed that the vertical profile of longwave cooling con-
tributed to a strong thermal inversion at the base of the
dry layer. More recently, Parsons et al. (2000) suggested
that, since shortwave absorption nearly balances long-
wave cooling at solar noon, there should be a distinct
diurnal variation in the magnitude of these strong in-
versions. The variation in the magnitude of this inver-
sion, in turn, impacts the convective stability, making
the diurnal variation of the clear air radiative forcing
an important factor in controlling the diurnal cycle of
stability and convection after a dry event over the warm
pool. The changes in the cloud layers following the
arrival of a dry intrusion over the Tropics correspond
in an expected way to the predicted changes in the con-
vective stability. For example, studies have found that
the appearance of dry air coincides with the suppression
of deep convection (Brown and Zhang 1997; DeMott
and Rutledge 1998). The suppression of deep convec-
tion can be so pronounced that Brown and Zhang (1997)
regarded these periods as tropical droughts. Suppression
of deep convection by a dry intrusion could be due to
either the increased stability arising from radiative pro-
cesses or to a reduction in the buoyancy of clouds re-
sulting from mixing with the extremely dry environ-
mental air. As a consequence, it is important to study
the atmospheric recovery following a dry intrusion not
only in terms of the evolution in moisture, but also in
temperature.

The frequency and the dramatic consequences of

these extreme dry events, together with the long ad-
justment times found in recent cumulus modeling stud-
ies (e.g., Tompkins and Craig 1998), suggest that it is
difficult for the atmosphere to approach a convective–
radiative equilibrium in the presence of these intrusions.
Instead, the net effect of these dry periods is that the
tropical atmosphere spends a great deal of time recov-
ering from these higher latitude forcings. In summary,
dry intrusions are hypothesized to have a large impact
over the water vapor budget and consequently on the
dynamics of the regions where they occur. Though pre-
vious studies have greatly improved our knowledge of
dry intrusions, the interplay between clouds and the
environment during this crucial period of recovery is
not well understood due to the recent discovery of dry
intrusions over equatorial regions and the limitations of
the available observational datasets. The conceptual
model of the recovery process issued by Parsons et al.
(2000) based on their extended analysis of observations
and the results of previous authors needs to be evaluated.
One central hypothesis made in this latter paper was
that the remoistening mainly occurred through cloud
detrainment. The present study allows testing of this
hypothesis through quantification of the different pro-
cesses involved in the recovery of the moisture field.
The conceptual model also outlined the possible role
played by the diurnal cycle of convective inhibition
(CIN), which may partly be responsible for the unusual
diurnal cycle of rainfall observed during this period.
These aspects will not be considered in the present pa-
per.

The major goals of this study are twofold: 1) to obtain
a quantitative description of the recovery of the lower
and middle troposphere following a dry intrusion by
distinguishing the various involved processes, and 2) to
determine what factors limit the cloud-top height over
the tropical western Pacific through examination of the
recovery process. A useful tool to achieve the present
goals is the cloud-resolving model driven by local and
large-scale observations as discussed in section 2. In
section 3, numerical results are evaluated against avail-
able observations in terms of surface fluxes, rainfall,
thermodynamics and cloud evolution. The simulation is
subsequently used to establish the contribution of the
various processes involved in the atmosphere recovery.
Some preliminary findings concerning the diurnal cycle
in the water vapor and temperature fields are also de-
scribed. Section 4 is dedicated to the identification of
the respective role of factors limiting cloud-top height.

2. Case study and experimental design

The dry intrusion observed during TOGA COARE
on 13–20 November 1992 was selected for this study.
This event has been the subject of several observational
papers (Parsons et al. 1994; Numaguti et al. 1995; Ma-
pes and Zuidema 1996; Brown and Zhang 1997; DeMott
and Rutledge 1998; Yoneyama and Parsons 1999; Par-



2440 VOLUME 59J O U R N A L O F T H E A T M O S P H E R I C S C I E N C E S

FIG. 1. Time–height cross section of water vapor (g kg21) as observed from radiosondes launched each
6 h on R/V Moana Wave.

sons et al. 2000). The intrusion period also corresponds
to a wind transition from westerly to easterly (Lin and
Johnson 1996). Figure 1 shows the dramatic dry con-
ditions (specific humidity less than 1 g kg21) in the layer
between 2 and 3.5 km associated with this intrusion and
the subsequent slow recovery of the water vapor field.
As discussed in Parsons et al. (2000), a secondary dry-
ing event aloft (above 5 km) was also observed with
specific humidity decreasing by a factor of 2 (e.g., 4 to
2 g kg21 at 6 km). With regard to the limited lateral
extent of dry intrusion and the entire range of physical
processes expected to be involved in the atmospheric
recovery (e.g., boundary layer processes, shallow and
deep convection), special care needs to be brought into
the design of numerical experiments. Thus, this type of
case study is believed to be a stringent test for any cloud
model, including cloud-resolving models as well as
cloud schemes used in general circulation models.

A widely used dataset to drive cloud models for
TOGA COARE studies was derived from an objective
analysis of TOGA COARE Intensive Flux Array (IFA)
measurements by Ciesielski et al. (1997). Due to the
lateral size of dry intrusion, only several hundred ki-
lometers in width, the IFA-average profiles of temper-
ature and humidity are not necessarily representative of
the local environment at the center of the dry intrusion.
In other words, the temperature and moisture fields are
strongly inhomogenous on the IFA scale. For this reason
the present simulation was initialized from an individual
sounding taken near the middle of the intrusion, rather
than with an IFA-average sounding. The IFA-average
sounding at this time (not shown) also indicates the

presence of dry air, but with much smaller amplitude.
Given that our main objective is to focus on the at-
mospheric recovery, the simulation was started after the
arrival of dry air intrusion. For all these considerations,
the present simulation starts from a sounding taken from
the R/V Moana Wave at ;2300 LST on 13 November
1992 (after the arrival of the dry air).

The cloud-resolving model (CRM) utilized in this
study is the anelastic nonhydrostatic model of Redel-
sperger and Sommeria (1986). This model has been ex-
tensively used over a wide range of scales to represent
squall lines (e.g., Lafore et al. 1988), frontal systems
(e.g., Redelsperger and Lafore 1994), and in an earlier
version, shallow convection (e.g., Sommeria and
LeMone 1978). The model prognostic variables are the
three components of the wind, the potential temperature
(u), the specific humidity (q), mixing ratios for five hy-
drometeor species (cloud liquid droplets, rain drops, ice
crystals, aggregates, and graupels), and the subgrid tur-
bulent kinetic energy (E). Special care has been given
to the formulation of parameterized turbulent processes.
Based on a prognostic equation for E, the model utilizes
quasi-conservative variables for condensation and in-
corporates the effect of thermal stratification on subgrid
fluxes (Balaji and Redelsperger 1996). A Kessler-type
parameterization is used for warm microphysical pro-
cesses, except for subgrid-scale condensation and con-
version from cloud droplets in raindrops (Redelsperger
and Sommeria 1986). Ice phase microphysics are treated
with the scheme developed by Caniaux et al. (1994),
which includes three prognostic equations for the fol-
lowing solid hydrometeors: ice crystals, aggregates, and



15 AUGUST 2002 2441R E D E L S P E R G E R E T A L .

FIG. 2. Hourly rainfall (mm day21) (a) as estimated from MIT radar
over a circle with a 220-km radius, and (b) as simulated by the CRM.

graupel. Radiative effects within the model are com-
puted fully interactively with the cloud field using the
radiation scheme of the European Centre for Medium-
Range Weather Forecasts [ECMWF; Morcrette (1991);
see Guichard et al. (1996) for its implementation in the
CRM]. Radiative fluxes are computed every 1 and 15
min for cloudy and clear-sky columns, respectively. Sur-
face fluxes are computed with the COARE bulk algo-
rithm, derived from the hourly sea surface temperature
(SST) measured on R/V Moana Wave. This algorithm
includes the effect of boundary layer free convection,
but with the proportionality coefficient linking the free
convection velocity and the gustiness modified follow-
ing Redelsperger et al. (2000), whereas the parameter-
ization of gustiness due to deep convection is not in-
cluded as it is explicitly simulated by the CRM.

The simulation is performed in two-dimensions (2D),
due to the considerable cost of three-dimensional (3D)
simulations over a 5-day period. Comparison of 2D and
3D simulations by Grabowski et al. (1998) shows that
a 2D framework is sufficient to simulate deep convec-
tion when, as for the present study, the large-scale forc-
ings are prescribed and the mean wind is nudged to-
wards the observed large-scale wind. The domain size
is 100 km along the horizontal axis and 23 km in height.
The horizontal grid spacing is 1 km. Numerical tests
have shown that the results were not very sensitive to
either increasing the horizontal resolution or to the di-
mensionality of domain (i.e., 2D versus 3D). The hor-
izontal extent is also considered to be sufficiently large,
as satellite observations show a lack of deep organized
mesoscale convective systems during this suppressed
period. The largest systems observed from satellite cor-
respond to isolated convective towers (horizontal extent
less than 20 km) with no associated stratiform regions.
The vertical grid is stretched, from 70-m resolution in
the boundary layer up to 700 m above 10 km. A sponge
layer is added above the tropopause, between 16 and
23 km, to avoid spurious reflections. The model inte-
gration is done for 5 days with a time step of 12 s.

Cyclic lateral boundary conditions are used so that
the advection of temperature and water vapor by the
large-scale motion is introduced as an additional term.
Following Sommeria (1976), the forcing is applied ho-
mogeneously to each column of the simulated domain,
as a function of height and time only (see also, Gra-
bowski et al. 1996). The present study uses the large-
scale horizontal advection and the large-scale vertical
velocity available every 6 h as deduced from COARE
observations over the IFA (Ciesielski et al. 1997). We
choose to use the large-scale velocity instead of the
large-scale vertical advection, due to the large vari-
ability in the moisture and temperature fields. Sensitivity
tests were made to compare the two methods and will
be discussed in the next section. As the large-scale ad-
vection terms for the horizontal momentum are not de-
termined accurately enough from the observations, the
horizontally averaged winds are nudged toward the ob-

served large-scale values, with a relaxation time of 2 h.
Physically this experimental design corresponds to the
imposition of the observed large-scale response onto the
local conditions observed at the R/V Moana Wave near
the center of the dry filament.

3. General behavior

The design of the experiment with the mean wind
over the domain being nudged, the SST being prescribed
by observations, and the large-scale advection being tied
to the observations suggests that one would hope that
the simulation would reproduce the observations. Even
with these high expectations, several aspects of the sim-
ulation are noteworthy. For example, Figs. 2 and 3 show
that the model reproduces reasonably well the general
intensity and the timing of rainfall estimated from the
radar reflectivity and the observed surface fluxes over
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FIG. 3. Surface fluxes as estimated with bulk parameterization from
measurements on board the R/V Moana Wave (dashed lines) and
simulated by the CRM (solid lines): (a) sensible heat flux (W m22),
and (b) latent heat flux (W m22).

FIG. 4. Differences between potential temperature and initial po-
tential temperature (a) simulated and (b) observed. Contour is 1 K,
and simulated fields are averaged over 6 h. White columns in (b)
correspond to sonde problems.

the period. Nevertheless, the model does not capture
several observed features. One feature not reproduced
is the first observed rainfall event, which occurred dur-
ing the first 12 h on 14 November (Fig. 2). However,
this rainfall event is difficult to reproduce as it is re-
vealed through the satellite and radar data to be quite
inhomogeneous with more activity in the southern por-
tion of the domain. The cause of this inhomogeneity is
that the dry intrusion arrived with substantial drying in
the boundary layer from the south moving toward the
north, so that the boundary layer recovered to moist
conditions first in the southern portion of the domain.
The model initialized with a single sounding north of
the precipitation event and forced with horizontal uni-
form fields is unable to capture this evolution. Another,
and perhaps more important, difference between the ob-

servation and the model is that the model appeared to
be cool, relative to the observations, by ;1–2 K at the
end of the simulation (Fig. 4). This problem has fre-
quently arisen in simulations driven by observed large-
scale advections over this region as found in the second
model intercomparison of Global Energy and Water Cy-
cle Experiment (GEWEX) Cloud Systems Studies
(GCSS; Krueger et al. 1997). The cause of this problem
can come from uncertainties in determining the large-
scale advections, especially the large-scale vertical ve-
locity, as suggested by recent studies (Emanuel and Živ-
ković-Rothman 1999; Guichard et al. 2000).

The model accurately reproduced the layering in the
moistening (0–0.5 and 1.5–3.5 km) and drying (0.5–1.5
and 3.5–5 km) as shown in Fig. 5. The simulation did
tend to overestimate the moistening occurring on 15
November in the vertical layer between 2–3 km. The
moisture differences between the radiosonde measure-
ment and the model varied considerably from sounding
to sounding, but were generally less than 1 to 2 g kg21.
Both the model and the observations indicate that a
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FIG. 5. Same as Fig. 4, except for specific humidity. Contour
interval is 1 g kg21.

FIG. 6. Time–height cross sections of (a) mean simulated total cloud
content (solid isolines) and (b) mean hydrometeor content. Echo tops
estimated from reflectivity and from vertical motion fields of the wind
profilers on the R/Vs Sci. #1 and Exp. #3 are presented in (b).

drying of the atmosphere below the dry intrusion is a
part of the recovery process. The drying below the in-
trusion results from the dry intrusion limiting cloud top
and thus decreasing vertical mixing as will be discussed
in subsequent sections. Previous studies have generally
not noted this drying below the intrusion and instead
concentrated on the moistening.

Examination of mean cloud field (Fig. 6) shows that
clouds were able to form during almost the entire sim-
ulation. At the beginning of the period, large values of
CIN1 in excess of 70 J kg21 prevent the triggering of
convection. In agreement with the findings of Parsons
et al. (2000), the mean CIN in the simulation has a clear
tendency to approach small values after 15 November
at 1200 LST. The smaller values of CIN slow the de-
velopment of clouds and likely limit the cloud fraction,
rather than prevent cloud formation. The cloud tops gen-
erally reached only intermediate levels of the tropo-
sphere (between 4 and 6 km), well below the tropopause
(around 15 km). These clouds, often referred to as cu-

1 The CIN is here defined as the amount of energy that must be
realized before a parcel can reach its level of free convection.

mulus congestus, appear to be the most common mode
of convection throughout the period considered, except
during the end of the period when isolated deep con-
vective cells developed. It is worth noting that most of
time the clouds are isolated with a mean cloud coverage
of ;10%, except during the last 12 h on 14 November
when the cloud coverage varies between 40% and 85%.
The echo tops estimated from reflectivity and the ver-
tical motion field from the wind profilers on the R/Vs
Science (Sci.) #1 and Experiment (Exp.) #3 are presented
along with the simulated fields. The wind profilers were
deployed as part of an integrated sounding system (ISS)
on these vessels (Parsons et al. 1994). The profiler data
shows, in broad agreement with the model, a general
tendency for clouds reaching only the intermediate lev-
els with the exception of active deep convection at the
end of this period. The profiler-derived echo tops also
suggest some spatial variations in the nature of con-
vection over the COARE IFA as evidenced by differ-
ences between the two sites. For example, from the early
hours of 16 November until late in the day on 18 No-
vember, conditions are very suppressed at the R/V Exp.
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#3 and relatively more active at the R/V Sci. #1. The
behavior of the cloud model is somewhat between these
two observed levels of activity. Another example of
spatial inhomogeneity is that active deep convection oc-
curs late in the day on 14 November in the vicinity of
the southern ship R/V Sci. #1, while echo tops are lim-
ited to below ;5.5 km at the other vessel. As noted
earlier, the model has difficulty in replicating convection
during this initial period.

The presence of shallow and intermediate clouds dur-
ing this period, as illustrated with the profiler data and
with the simulation, is also consistent with the analysis
of radar data from the R/V Vickers (DeMott and Rut-
ledge 1998), and the cloud-top distribution deduced
from satellite infrared temperature (Brown and Zhang
1997). In a general manner, the behavior of the cloud
field also fits with the study of Johnson et al. (1999)
showing that cumulus congestus clouds were the most
abundant of all precipitating clouds in COARE. During
this period the cloud heights imply that much of the
rain reaching the surface can be termed as warm rain
as the cloud ice phase processes play a secondary role.
It seems, thus, that warm rain finds its origin in the
existence of factors that limit the vertical extent of con-
vective clouds.

4. The recovery

Dry air intrusions, as stressed by many authors, have
a significant impact on the tropical atmosphere. Parsons
et al. (2000) proposed a conceptual model of the re-
covery based on their analysis and insight gained from
previous studies (e.g., Nugamuti et al. 1995). The main
goal of this section is to evaluate this conceptual model
and present a quantitative evaluation of the various pro-
cesses involved in the recovery. As thermal inversions
are typically formed after the arrival of a dry intrusion,
the recovery of atmosphere will be studied not only in
terms of moisture, but also in terms of temperature. In
the conceptual model of Parsons et al. (2000), the
boundary layer recovered relatively rapidly from an in-
crease in surface fluxes, while detrainment from shallow
cumulus and congestus clouds that reach middle levels
slowly moistened the lower and middle troposphere over
a timescale of ;10 days. The recovery process was
nonuniform in the lower and middle levels as these
clouds had a diurnal cycle with maximum activity dur-
ing the evening. The recovery of the upper troposphere
took place only after deep convective activity was re-
established. Evaluation of this conceptual model is dif-
ficult to address solely from the available observations.
For example, as evidenced in Figs. 2 and 6 not all clouds
lead to precipitating hydrometeors and not all of these
hydrometeors reach the ocean surface. In contrast, most
of the special observations taken during TOGA COARE
are best suited for investigations of precipitating clouds.
The cloud model allows for the investigation of the

interaction between the environment and both nonpre-
cipitating and precipitating clouds.

To get insight into the evolution of the vertical profile
of potential temperature, its time tendency (Fig. 7a) is
decomposed as the sum of the large-scale advection
(Fig. 7b), the sum of resolved and subgrid transports
(Fig. 7c), the radiative term (Fig. 7d) and the diabatic
(phase change) term (Fig. 7e):

]u ]u ]u
5 11 2 1 2]t ]t ]t

LS Resolved Transport

]u ]u
1 11 2 1 2]t ]t

Subgrid Transport Radiation

]u
1 . (1)1 2]t

Diabatic

In the following discussion, the sum of the model-resolved
and subgrid transports will be referred to as the convective
transport, which thus includes dry and wet convection
occurring in the boundary layer and the free troposphere.
During this suppressed regime, the budget terms in Eq.
(1) and illustrated in Fig. 7 indicate that the recovery is
not a steady process, but instead highly nonuniform, as
found in the observed and simulated tendency in the po-
tential temperature. This time tendency for the potential
temperature (Fig. 7a) is in turn explained to a large degree
above ;4 km by the large-scale advection (Fig. 7b). The
time series of the large-scale advection appears to have a
strong diurnal variation. In actuality, the variation for the
first two days is larger and the period longer (;1.5 days).
After the first two days, the large-scale advection becomes
more diurnal and is primarily driven by the large-scale
vertical velocity (not shown) with morning subsidence in
agreement with the recent study of suppressed periods by
Parsons et al. (2002, manuscript submitted to J. Atmos.
Sci.). In the simulation, the vertical structure of the large-
scale forcing of potential temperature is due to the presence
of marked temperature inversions as discussed in the next
section. The model contribution from subgrid-scale and
the resolved transports (Fig. 7c) tend to heat and cool the
boundary layer and the area just above, respectively. In
general, the contributions from this term are relatively
small. As expected, the radiative term (Fig. 7d) exhibits
a diurnal cycle with variations primarily introduced by the
interaction between longwave cooling and shortwave ab-
sorption in clear air during suppressed periods as suggested
by Parsons et al. (2000). As with the large-scale advection,
some vertical structure is noted in regions of temperature
inversions during this period. The diabatic term (i.e., the
temperature change from latent heating and cooling as-
sociated with phase changes; Fig. 7e) is largely positive
and limited to the lower levels of the atmosphere until the
last day of the simulation. The primary exception to this
point is the weak cooling that is observed within the
boundary layer due to the evaporation of rainfall. The
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FIG. 7. Budget of potential temperature as simulated: (a) time ten-
dency, (b) large-scale advection, (c) model subgrid and resolved trans-
ports, (d) radiative processes, and (e) diabatic (phase change) pro-
cesses. Fields are averaged over 6 h. Contour interval is 2 K day21.
Regions of values below 22 K day21 are shaded and heavy contour
outlines cloud boundaries.

shallow nature of the clouds generally precludes the pres-
ence of a pronounced melting level. The radiative contri-
bution, and to a lesser extent, the diabatic term explain
most of temperature evolution between 1.5 and 4 km dur-
ing the night. The diurnal signal from the diabatic term is
difficult to detect. Thus the strong diurnal cycle above the

PBL is mainly due to diurnal variations in the large-scale
vertical velocity and radiative processes, and does not
seem related to diurnal variation of surface fluxes (related
to those of SST) and associated vertical transports.

The moisture evolution can be studied in decompos-
ing the time tendency of water vapor (Fig. 8a) as the



2446 VOLUME 59J O U R N A L O F T H E A T M O S P H E R I C S C I E N C E S

FIG. 8. Budget of specific humidity as simulated: (a) time tendency, (b) large-scale advection, (c) model subgrid and resolved transports,
(d) net diabatic effect (phase change), (e) liquid condensation, and (f ) cloud evaporation. Fields are averaged over 6 h. Contour interval is
1 g kg21 day21. Regions of values above 1 g kg21 day21 are shaded and the heavy contour outlines cloud boundaries.
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sum of the large-scale forcing (Fig. 8b), the sum of
resolved and subgrid transports (Fig. 8c), and the net
diabatic effect (Fig. 8e):

]q ]q ]q
5 11 2 1 2]t ]t ]t

LS Resolved Transport

]q q
1 1 . (2)1 2 1 2]t ]t

Subgrid Transport Diabatic

In many respects, the processes impacting the recovery
of the moisture field (Eq. (2) and shown in Fig. 8) con-
trasts with the terms driving the changes in potential
temperature (Fig. 7). One important aspect is that the
largest time changes for the moisture field (Fig. 8a) took
place below ;4–5 km in height, while the time evo-
lution for the potential temperature (Fig. 7a) had very
regular changes extending from the lowest 2–3 km up
through the middle troposphere with the largest changes
appearing generally above ;7–8 km. A similar state-
ment could be made concerning differences in the pat-
terns of large-scale advection for potential temperature
(Fig. 7b) and water vapor (Fig. 8b) where large-scale
advection in the potential temperature field occurs aloft.
A striking feature of the water vapor budget is the strong
evaporation rate (Fig. 8f) experienced by the clouds
throughout this period, balancing an average of two-
thirds of the condensation rate (Fig. 8e). The general
diabatic effect is thus to decrease the water vapor con-
tent at a given level (Fig. 8d). This result is, of course,
partly due to the water vapor convective transport (Fig.
8c). Vapor is indeed carried upward in convective clouds
and condenses at higher levels in the atmosphere. The
transports by model-resolved and subgrid-scale motions
(Fig. 8c) explain a larger part of this transport, whereas
the large-scale advection is secondary in contrast to the
budget of potential temperature. For the large-scale and
convective transports, the vertical patterning typically
represents the vertical gradient of moisture.

In terms of the recovery in the water vapor in the
model (Fig. 5) and the erosion of the very dry layer
between 2 and 3 km (Fig. 1), the largest impact is from
the convective transports (Fig. 8c). During the first 12
h of the simulation, the moistening of the atmosphere
by convective transports peaks just above 2 km coin-
ciding with shallow clouds. Subsequently, on 15 No-
vember the major changes in moisture distribution are
observed between 2 and 4 km due to convective trans-
ports (Fig. 8c), when first individual shallow cloud tops
reach up to 5–6 km (Fig. 6). When deeper convection
begins to develop near the end of the simulation, the
convective transports again moisten the cloud-contain-
ing layers resulting in an erosion of the relatively dry
layer above ;5 km (see Fig. 1). During these times of
moistening of the dry air layer within the simulation,
the large-scale forcing (Fig. 8b) also contributes to the
moistening (Fig. 8a), although the convective transports
are able to extend the moistening to higher elevations.

At other times, the large-scale advective term tends to
dry the atmosphere.

The previous discussion seems to implicate the role
of clouds in the atmospheric recovery. In order to quan-
tify the role of clouds in atmosphere remoistening, the
various contributions to the moisture budget have been
averaged over a vertical layer representative of the upper
cloud layer defined as the layer of 3-km depth beneath
the cloud top. The same vertical layer for cloudy and
noncloudy regions are used to integrate the different
tendencies. These tendencies have been horizontally av-
eraged over three different areas: total simulation do-
main (Fig. 9a), cloudy columns (Fig. 9b), and cloud-
free columns (Fig. 9c). Cloudy columns are simply ver-
tical columns that contain clouds (sum of liquid and
solid water contents greater than 1023 g kg21 in at least
one grid point). The tendencies from the cloudy and
cloud-free columns have been weighted by the occu-
pation rate of each defined region in order to obtain
their respective contributions (Figs. 9b and 9c) to the
total simulation tendency plotted in Fig. 9a. The aver-
ages of these three quantities are also given in Table 1
for the upper cloud layer for the period from 1800 LST
14 November to 0000 LST 19 November.

Confirming the discussion of Fig. 8, the convective
transports and imposed large-scale advection are the
largest contributions to the moistening over the total
domain scale (Fig. 9a), although on average the con-
vective transport is dominant (Table 1). In cloudy re-
gions (Fig. 9b), the convective transport is the main
process leading to the moistening, except prior to 1200
LST 15 November, when the large-scale advection and
diabatic terms are significant. The convective transport
of moisture in clouds represents a major contribution to
the time tendency averaged on the full domain (Fig. 9a).
The diabatic contribution over the entire domain is al-
ways negative as a consequence of the strong conden-
sation (Fig. 9b and Table 1). In contrast, cloud-free re-
gions (Fig. 9c) have experienced strong evaporation in
the upper cloud levels. The convective transport in
cloud-free regions (Fig. 9c) is important, but generally
smaller than in cloudy regions.

From the summary shown in Table 1, where the con-
vective transports are divided into vertical and horizon-
tal advective terms, it is evident that the largest term
for cloudy and cloud-free regions inside the vertical
layer within 3 km of cloud top is the horizontal advec-
tion of moisture from moist to dry areas. Since in this
modeling framework, the primary cause of horizontal
gradients is cumulus convection and we are near cloud
top, we interpret the horizontal advection term as the
general detrainment that arises from the repeated pen-
etrations of isolated convection into drier layers. In con-
trast, the vertical advection is primarily drying, even in
cloudy regions. This is a consequence of the fact that
only a small fraction of the cloudy column actually con-
tains convective cores with strong updrafts and the bud-
get is near cloud top. This result is supported in the
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FIG. 9. Time series of simulated vapor budgets (g kg21 day21) as
averaged through the upper layer of 3 km from the mean cloud top
for (a) total model domain, (b) cloudy region, and (c) cloud-free
region. Fields are 3-h running averages.

TABLE 1. Vapor budgets (g kg21 day21) as averaged from 1800
LST 14 Nov to 0000 LST 19 Nov and through the upper layer of 3
km from the mean cloud top for contributions from: the total model
domain, the cloudy region, and the cloud-free region.

Vapor budget terms Total Cloudy Cloud-free

Time tendency
Diabatic term
Vertical advection
Horizontal advection
Total advection
Large-scale advection

1.67
20.36
21.90

3.44
1.54
0.49

0.72
20.59
21.00

1.88
0.88
0.43

0.95
0.23

20.90
1.56
0.66
0.06

time series of the horizontal, vertical and total advection
(Fig. 10). Consistently, the general impact of clouds is
to moisten by horizontal advective processes repre-
senting detrainment and mixing at the lateral edges of
the cloud as the vertical transport is always smaller in
the upper part of clouds (except during the three last
hours, when deep convection occurs). Another surpris-
ing point from these budgets (see Table 1) is that the
large-scale advection is moistening the environment and
that the term for the cloudy region is larger than for the
cloud-free regions. Examination of the time series of
this term for the cloudy and cloud-free environments
(Figs. 9b and 9c) shows that the explanation for this
difference is that clouds tend to form much more in the
presence of favorable large-scale advection, while
cloud-free regions experience both positive and negative
large-scale advection that results in a far smaller av-
erage.

Looking at the results thus far, one point of view is
that the moistening occurs when convection in the mod-
el occurs in the presence of favorable large-scale ad-
vection. To illustrate the sensitivity to external param-
eters, several numerical experiments have been per-
formed and are briefly presented here through a depic-
tion of the time evolution of rainfall (Fig. 11). When
the large-scale advection is neglected, the rainfall stays
very small (below 2.5 mm day21), except during the
last day. In this experiment, the recovery was slower
and the instability was not released by more significant
convective events leading up to the deep convection at
the end of the period, but instead was allowed to con-
tinue to build. This result shows that, despite the strong
link between the large-scale advection and convection
dictated by the large Rossby radii of deformation in the
Tropics, deep convection can still occur with no imposed
large-scale advection when the cloud fraction is low. In
contrast, the rain amount is only slightly changed when
the SST is held or when using the complete large-scale
advection dataset provided by Ciesielski et al. (1997)
(see section 2). However, the timing and the intensity
of the latter deep convective event are different, espe-
cially when the SST is kept constant (related to smaller
surface sensible and latent heat fluxes). The results ap-
pear weakly sensitive to the choice of large-scale ver-
tical advection in terms of rainfall for shallow isolated
convection.
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FIG. 10. Same as Fig. 9a (total model domain), except for the
model transport and its vertical and horizontal components.

5. What processes limit cloud-top heights?

Several studies have suggested that the moisture
above the boundary layer plays a large role in regulating
the convective cloud development in the Tropics
through entrainment/detrainment processes (e.g., Ray-
mond 1995; Brown and Zhang 1997; Sherwood 1999).
The importance of entrainment and detrainment pro-
cesses in describing the observed general characteristics
of TOGA COARE clouds can be found in Zuidema
(1998) and Wei et al. (1998). Zuidema (1998) used a
simple buoyancy sorting model to show that when water
loading and mixing were included, significant detrain-
ment took place in the stable layers leading to a mini-
mum in cloudiness between ;800 and 600 hPa. On the
other hand, analysis of radar echo tops observed during
TOGA COARE showed a well-marked trimodal distri-
bution termed as shallow cumulus, congestus, and cu-
mulonimbus (Johnson et al. 1999). The authors related
these different cloud-top heights to the presence of sev-
eral prominent stable layers at ;2, 5, and 15 km. Ad-
ditional discussions on the role of stable and dry layers
in controlling cloud heights can be also be found in
Mapes and Zuidema (1996) and Parsons et al. (2000).
While these results indicate that mixing and interactions
with stable layers are important factors in describing
TOGA COARE clouds, we are clearly far from a quan-
titative characterization of convection development as
a function of environmental parameters. One reason is
the experimental difficulties in simultaneously observ-
ing the complete temporal evolution of individual clouds
and their close environment. Analysis of the present
simulation, with convection taking place in a large-scale
environment that changes dramatically, is presented
herein as a first step in this characterization. As pre-
viously described, the period exhibits various changes
in cloud top heights in response to these environmental
changes. Thus the present simulation seems to be an

appropriate to identify those factors that limit the height
of cloud top.

Convective available potential energy (CAPE) is a
basic integral quantity, which can be tentatively related
to the convection development. The data plotted in Fig.
12a shows that there is no obvious dependence of cloud-
top heights on CAPE. For example, values of CAPE
ranging from 500 to 1500 J kg21 lead to virtually the
same cloud-top height. This result is in agreement with
previous observational studies (Mapes and Houze 1992;
Alexander and Young 1992). Using a multivariate anal-
ysis of sounding and satellite data, Sherwood (1999)
also suggested that a minimum CAPE of 100–300 J
kg21 is required for convection but there was no indi-
cation that further increases could lead to a larger prob-
ability of convective activity.

A second parameter, sometimes invoked to explain
the limitation of vertical convective development, is hu-
midity decreasing above the cloud top. The relationship
between the environmental relative humidity in the
model and the simulated cloud tops is shown in Fig.
13. Only a weak relationship appears between the rel-
ative humidity and the cloud top in the simulation, as
cloud tops are rarely observed very far above the ;30%
relative humidity contour. If a strict dependency existed
between cloud top and the relative humidity, one might
expect dependence of cloud top on the relative humidity
just above the clouds, as if the clouds were unable to
penetrate and exist in an environment where the relative
humidity is below a certain value. The relationship be-
tween cloud-top height and relative humidity just above
the cloud top (Fig. 12b) does not show such a simple
dependency. For example, cloud tops at ;2-km altitude
can occur when the relative humidity above the clouds
ranges from 10% to 65%. The general decrease of hu-
midity viewed on this plot depicts its usual decrease
with the altitude. Cloud-top detrainment alone cannot
thus explain the limited vertical extent of clouds.

We next looked at how dry air present above the
boundary layer contributes to limit the vertical devel-
opment of convective clouds through, say, buoyant par-
cels mixing with their environment as the parcel ascends.
To this end, the difference between the mean saturated
specific humidity and the mean specific humidity has
been computed at each altitude. This quantity is a crude
representation of dry air entrainment and will be refer-
enced hereafter as the vapor deficit. To crudely represent
mixing one must assume that the entrainment at each
level is proportional to the difference of saturated moist
static energy and moist static energy. A time series of
the vapor deficit is shown in Fig. 14. A very strong deficit
is present on 14 November at the upper levels of clouds
and above. After this date, two less intense deficit layers
are observed around 3–4 and 7–8 km and exhibit time
evolution of their amplitudes. Between 0600 LST 16 No-
vember to 1800 LST 18 November (except for small
periods), these layers are roughly located at the upper
layers of clouds and above. On 15 November, the clouds
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FIG. 11. Comparisons of rainfall (mm h21) from different numerical sensitivity experiments: (a) reference, (b) SST constant, (c) full
large-scale advections from CSU, and (d) no large-scale advections.

periodically go through the deficit layer, which has a
small vertical extent as well as weak amplitude. Nev-
ertheless, the cloud top does not exceed 6 km on this
day. To begin to quantify this relationship, a time series
of the cloud-top height and the vapor deficit vertically
integrated between 2 and 6 km is shown in Fig. 15. The
two quantities have a general tendency to be clearly of
opposite phase. Consistent with the discussion in the pre-
vious section, cloud-top height maxima occur about 3
hours later than the vapor deficit minima after 16 No-
vember. The diurnal variation of vapor deficit observed
after 16 November can be related to those of the moisture
tendency (Fig. 8) and horizontal advection terms (Fig.
10) described in the previous section. For example, it was
shown that the diurnal variation of the large-scale ve-
locity was the cause of these variations in the moisture

field and that clouds moisten the environment through
general detrainment and mixing.

In order to analyze more quantitatively the potential
for dry air entrainment, relationships between the cloud-
top height and vertically averaged vapor deficit are plot-
ted in Fig. 16 for characteristic periods and layers se-
lected from Fig. 14. For 14 November, just after the
intense dry intrusion, a linear relationship is obtained
(Fig. 16a), showing how the cloud top is gradually in-
creasing in conjunction with the decrease of vapor def-
icit averaged between 1.4 and 3 km. The cloud-top
heights on Fig. 16b exhibit also a strong dependency
on vapor deficit averaged on 2.5–4.5-km layer but for
deficit values smaller than ;3 g kg21, cloud-top heights
vary from 3.8 to 13 km. Thus as environments moisten,
the vertical development of the clouds become far less
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FIG. 12. Mean cloud-top heights as a function of (a) CAPE and
(b) relative humidity above clouds, computed as the average on the
two first model levels located above mean cloud top. Fields are 3-h
running averages.

FIG. 14. Time–height cross section of simulated vapor deficit (in-
terval 1 g kg21) defined at each level as the difference between the
mean saturated and specific humidity. Black regions correspond to
values above 6 g kg21. Heavy contour outlines cloud boundaries.

FIG. 13. Time–height cross section of simulated relative humidity.
Heavy contour outlines cloud boundaries.

FIG. 15. Time series of mean cloud-top heights (km) and vapor
deficit (g kg21) as diagnosed from the reference experiment. The
vapor deficit is defined at each level as the difference between mean
saturated and specific humidity and is vertically averaged between 2
and 6 km. Fields of vapor deficit and cloud-top height are averaged
over 1 and 3 h, respectively.

dependent on variations in the magnitude of the vapor
deficit and thus on entrainment.

Another factor playing a role in limiting the vertical
extent of clouds is the mean vertical stratification, which
is shown for the period of interest in Fig. 17. Since there
is not much difference between the potential tempera-
ture and virtual potential temperature, the vertical de-
rivative of the potential temperature is used in Fig. 17
to depict the stability allowing a direct thermal com-
plement to the moisture fields presented earlier. Differ-
ent inversions are observed with intensities varying as
a function of time. At the beginning of the simulation
period, enhanced stability exists at 1.75, 4.5, and 7.2
km. The lowest stable layer is very large (around 12 K
km21) and appears at the base of the high vapor deficits
shown earlier in Fig. 14. The relationship between the
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FIG. 16. Mean cloud-top heights (km) for selected periods as a
function of humidity deficit (g kg21), averaged (a) between 1.4 and
3 km, and (b) between 2.5 and 4.5 km. Note the difference of the
axes between (a) and (b). Fields are 3-h running averages.

FIG. 17. Time–height cross section of vertical gradient of u (interval
1 K km21) as simulated by the CRM. Black regions correspond to
values above 7 K km21. Heavy contour outlines cloud boundaries.

FIG. 18. Sounding from R/V Moana Wave at 2300 LST 15 Nov.

thermal field and the dry air, driven in part by clear air
radiative processes, was first noted and explained by
Mapes and Zuidema (1996) and is enough to explain
the limited extent of clouds. During this period, given
the large magnitude of the thermal stability and the va-
por deficit, it is not surprising that convective devel-
opment is limited to the base of the dry air mass. After
the first day of the simulation period, the strongest ther-
mal stability is located at ;7 km in height with other
layers located at ;3 and 5 km in height. The strong
thermal stability at ;7 km tends to strengthen with time
coinciding with a dry layer above the inversion that
becomes evident late in the day on 15 November. The
relationship between the dry air and the thermal inver-
sions is also evident in the inversion near 5 km in height
as this inversion weakens following the moistening of
the layer immediately above the inversion. The cloud-
top heights generally coincide close to the layers of

enhanced stability. When the cloud tops are able to pen-
etrate these strong inversions, such as late in the day
on 14 and 18 November, the convection in these low
cloud fraction situations corresponds to favorable large-
scale forcing.

The observed sounding on 2300 LST 15 November
is shown in Fig. 18. Two main dry layers are observed
between 2–3.5 and 5–7 km with thin dry layers also
apparent near ;4 km. At the base of each of the two
main layers, temperature inversions occur as expected
from the radiative effects discussed earlier. In general,
in the model and observations, the layers of enhanced
stability in the potential temperature, as expected, co-
incided with these temperature inversions. A smaller
inversion is observed at the middle of the thin dry layer
around 4 km. When convection reaches any inversion,
the buoyancy is sharply decreased and can even become
negative. A large amount of mass can then be detrained.

Thus, both vapor deficits and stratification anomalies
are generally present together. The magnitude and depth
of these anomalies are important to consider in explain-
ing the variations in cloud-top heights observed during
this period. Sometimes one process is enough to explain
the cloud-top height, while for others a combination of
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FIG. 19. Time–height cross section of the simulated buoyancy in convective cores (w . 1 m s21): (a) total, (b) temperature contribution,
(c) vapor contribution, and (d) water loading. The buoyancy is plotted after multiplying by a factor uy /g (interval of 0.2 K) and are 3-h
running averages. The first solid line corresponds with a zero buoyancy.

two processes needs to be advocated, such as for the
period 1700 LST 16 November to 1800 LST 17 No-
vember. These features can be analyzed in the context
of buoyancy. Since the Global Atmospheric Research
Program (GARP) Atlantic Tropical Experiment
(GATE), it is known that convective updrafts over trop-
ical oceans are weaker than those over continents. Anal-
ysis of data from oceanic experiments GATE, Equatorial
Mesoscale Experiment (EMEX), Taiwan Area Meso-
scale Experiment (TAMEX), and TOGA COARE (Zip-
ser and LeMone 1980; Jorgensen et al. 1985; Jorgensen
and LeMone 1989; Lucas et al. 1994; Wei et al. 1998)
have also shown that the measured updraft velocities
are much smaller than that predicted by parcel theory.
Moreover, observational (Lucas et al. 1994; Wei et al.
1998) and modeling (Guichard et al. 1997) papers have
indicated that cloud buoyancy is small on average (few
tenths of degree Kelvin). Only strong updrafts (veloc-
ities larger than 5–7 m s21) exhibit buoyancy larger than
1 K. It was suggested that water loading and entrainment
largely contributed to reduce the buoyancy in convective
updrafts over tropical oceans. Guichard et al. (1997)
suggested also that in the Tropics, where the Rossby

radius is large, any cloud buoyancy excess is rapidly
dispersed by gravity waves. These features can explain
the strong sensitivity of cloud development to dry layers
and inversions found in the present study. Any small
reduction of buoyancy in convective updrafts can lead
to neutral or negative buoyancy.

A future paper will be largely dedicated to the detailed
analysis of simulated buoyancy. However, the general
characteristics of the cloud buoyancy are illustrated in
Fig. 19. In this figure, hourly averages of the buoyancy
and its components within convective cores (vertical
velocities in excess of 1 m s21) are presented. Several
conclusions can be reached from examination of this
time series. First, the contributions of the potential tem-
perature fluctuations (Fig. 19b) to the total buoyancy
(Fig. 19a) are generally on the order of 1 K. In contrast,
undiluted parcels should have maximum thermal buoy-
ancies of several degrees or more. Second, the negative
buoyancy from hydrometeors (Fig. 19d) is generally
quite small and typically only a few tenths of a degree
Kelvin. These results are quite similar to the observa-
tions of Wei et al. (1998) that indicated convective cores
observed during TOGA COARE generally tend to have
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thermal buoyancies well below those of an undiluted
parcel due to mixing with the environment, but that
parcels do not maintain the water loading to a significant
degree.

In our analysis, we also show the contribution to the
parcel buoyancy from water vapor (Fig. 19c). At times
these contributions exceed 1 K and thus approach the
thermal contribution. These occur when the parcels with
water vapor contents, which are more characteristic of
the boundary layer (15–20 g kg21), are penetrating the
extremely dry layers associated with the dry intrusion
with mixing ratios of only a few grams per kilogram.
In general, the parcels in this situation begin their ascent
as thermally buoyant and eventually become buoyant
in greater part due to an excess of water vapor. This
term allows for increased penetration of convection into
the dry layer where detrainment and thus moistening
can occur. This positive effect occurs mainly on 14 No-
vember and explains why some clouds reach levels high-
er than the dry air layer. While previous studies and
indeed the bulk of this paper stress that the dry air
inhibits convection through forming thermal inversions
and through the negative impacts of entrainment, this
figure shows that the dry air can actually significantly
increase the positive buoyancy of clouds. Since the dry
air is associated with a general reduction in cloud-top
height in both the observations and the simulations, the
negative impact of the dry air is dominant for COARE
clouds. In actuality, the degree to which the positive or
negative impacts of the presence of dry air dominates
depends on the inversion strength and on the amount of
mixing between the parcel and its environment. To ac-
curately predict cloud tops for these types of regimes
with a numerical model, two features should be carefully
examined. Firstly, the vertical gradients of moisture
must be well represented since these gradients drive the
clear-air radiative processes responsible for the forma-
tion and/or maintenance of the inversion. Secondly, the
large amount of mixing needs to be correctly parame-
terized.

6. Conclusions and discussion

This study investigated the recovery of the lower and
middle troposphere to moist conditions, and the factors
that limit cloud-top heights, following the arrival of a
dry intrusion during TOGA COARE through the use of
a cloud-resolving model. This dry air arrived on 12
November 1992 and the recovery of these layers lasted
until 19 November. During this recovery period, the
moisture and temperature fields evolved differently. The
large-scale forcing and radiation explain most of the
potential temperature time evolution, whereas convec-
tive transports are more important for the moisture time
evolution. This difference is expected given that the
thermal differences between the convective parcel and
the environment have been shown to be small, while
the moisture differences can be quite large. In addition,

with the large Rossby radius a rapid adjustment should
occur as a result of any thermal differences created by
convection. A strong diurnal cycle of temperature above
the PBL is observed due to large-scale velocity and
radiative processes, but not to diurnal variation of sur-
face fluxes (related to those of SST) and related vertical
transports. Due to marked morning large-scale subsi-
dence, diurnal variations of temperature were observed
from 16 November; while during earlier times, the var-
iation and the period are larger. The radiation also ex-
hibits a diurnal cycle with strong local maxima at mid-
night in the region of dry air as suggested by Parsons
et al. (2000). This radiative effect contributes to main-
taining the temperature inversion through most of the
period.

On 14 November, the remoistening is due to the mois-
ture convective transport from boundary layer into the
first dry air layer. Very shallow clouds are present even
though condensation and evaporation rates are almost
equivalent due to the presence of extremely dry air.
After 15 November, individual shallow clouds extend
to 5–6 km and are the main cause of moistening through
their convective transports. After 16 November, moist-
ening mainly occurs during the afternoons and evenings
due to transports induced by shallow and deep convec-
tive clouds. In contrast, during the mornings the mois-
ture decreases due to the large-scale advection, except
in the boundary layer. The remoistening of the second-
ary dry layer (above 5 km) gradually occurs, resulting
from isolated deep convective cells. A striking feature
is the strong evaporation rate experienced by the clouds
throughout the whole period, balancing, on average,
two-thirds of the condensation rate. The horizontal ad-
vection associated with convective transport occurring
in the upper cloud layer is the major cause of the gradual
moistening of the atmosphere. This point has been hy-
pothesized in various observational studies. The re-
moistening is thus the main result of detrainment of
cloud air in the environment occurring on the lateral
edges of upper cloudy layers. In this process, shallow
convective clouds are crucial and present during the
entire period.

As found in Parsons et al. (2000), at the beginning
of the period, large values of convective inhibition pre-
vented the convection triggering. After 1200 LST 15
November, the CIN impact slows down the cloud de-
velopment rather than prevents it. When clouds are pre-
sent, their tops generally reach only intermediate levels
of troposphere (between 4 and 6 km), well below the
tropopause (around 15 km). This feature is consistent
with available radar and profiler observations. Cumulus
congestus thus represents the major mode of convection
through the considered period, except during the end of
the period where isolated deep convective cells are able
to develop.

The second part of the study concentrated on extri-
cating the factors limiting the observed cloud-top
height. Two negative effects of the dry layers inhibiting
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the vertical development of clouds were the direct effect
through cloud detrainment and an indirect effect through
the strong inversion created by radiative processes at
the base of the dry layers. Entrainment leads to a re-
duction in buoyancy making the inversions more im-
portant in controlling the cloud top. Thus both effects
are necessary to explain the general evolution of cloud
tops, although for some periods one is sufficient to ex-
plain the simulated cloud-top height. To quantify the
direct effect (dry air entrainment), the difference be-
tween the mean saturated specific humidity and the
mean specific humidity at each altitude was found to be
a useful quantity. Using this quantity, the dry air en-
trainment is assumed to be proportional to the difference
of saturation moist static energy and moist static energy.
The intensity of this quantity and its vertical extent are
two important factors explaining many differences of
cloud-top heights for different stages of a dry layer.
There is one positive impact of the dry air on convec-
tion. When shallow clouds first penetrated into the dry
layer significant parcel buoyancy was generated by ex-
cess water vapor aiding the penetration of the cloud into
the dry layer. While the general evolution of the recov-
ery process is consistent with the conceptual model of
Parsons et al. (2000), this finding was not part of the
conceptual model.

The strong sensitivity to the temperature inversions
found in the present study is explained by the small
buoyancy found in the clouds especially outside the con-
vective cores. Any small reduction of buoyancy in con-
vective updrafts (i.e., entrainment of dry air) is thus
able to lead to neutral or negative buoyancy. This result
is consistent with the analysis of moistening processes
showing that the horizontal convective transport is the
major process moistening the atmosphere in the ana-
lyzed period. The study thus emphasizes that the buoy-
ancy deduced from the pseudo-adiabatic motion of a
parcel is not enough to determine the cloud-top height.
Treating convection as a reversible adiabatic process,
where condensed water is carried vertically with the
rising parcels, is also not a valid concept for these types
of clouds, since the water content is small. This result
is in agreement with the previously cited paper but
stands in contrast to the findings of Carpenter et al.
(1998) where reversible processes were found to provide
a framework for discussing congestus evolution in sim-
ulations of congestus clouds over an isolated mountain
range in middle latitudes. A subsequent paper will focus
on that point by looking thoroughly at the simulated
buoyancy distribution. In addition, less sensitivity of
convective development to the presence of dry air can
be expected for midlatitude cases where the buoyancy
is generally larger (and so CAPE) than in the Tropics.

So far, dry air has been presented in this paper as
inhibiting the convective development. As discussed in
papers dealing with squall lines, the presence of a dry
air layer can intensify the deep convection (e.g., Zipser
1977; Redelsperger and Lafore 1988). Indeed when con-

vection is able to develop elsewhere and propagate, the
intensity of convection is increased in regions where a
dry layer exists through the increase of downdraft evap-
oration. This evaporation then increases the intensity of
the cold pool associated with the convective system.
The convective downdrafts thus inject dry air in the
boundary layer (e.g., Redelsperger and Lafore 1988;
Raymond 1995). Squall lines observed during the West
African monsoon are archetypes of such features, the
dry air coming from the African deserts. Another po-
tential case is the development of convection in the
presence of very strong external forcing. Thus dry air
can be a factor inhibiting or increasing the convection,
depending on the convection stages, forcings, and in-
tensity of triggering mechanisms. Present findings sug-
gests also that statistical equilibrium as discussed by
Emanuel et al. (1994) and Raymond (1995) probably
needs to be reviewed; that is, a strict one-to-one rela-
tionship between boundary layer entropy and tropo-
spheric temperature is not fully suitable and needs to
be revisited in order to take into account the presence
of dry intrusions (i.e., entrainment at each level of cloud
dramatically changes the entropy of the parcel). First,
a complete climatology of dry air intrusions is necessary
to quantitatively address this fundamental issue. It is a
difficult task in regard to our poor knowledge of global
humidity fields.

All these results need to be carefully thought of in
terms of the parameterized representation of convection
in mesoscale and large-scale models. As a relatively
large number of processes are found to be important for
the analyzed period (radiation, shallow and deep con-
vection, boundary layer transports), this period is a dif-
ficult but efficient testbed for models ranging from
cloud-resolving models to general circulation models.
The representation of moisture entrainment and shallow
convection should be particularly examined. We feel
that this testbed should also be considered as such mech-
anisms described in this paper are likely acting in less
dramatic ways in numerous situations. For example,
convective activation can be delayed by many hours by
the presence of small dry air layers or weak inversions.
In order to predict the proper onset of convection and
consequently the correct diurnal cycle, careful consid-
eration of model treatment of the processes investigated
in the case is thus also necessary for these problems.
Of course, correct treatment of entrainment and thus
cloud tops is crucial for proper representation of water
vapor transports and convective heating. Since the buoy-
ancy is small, in part due to entrainment, relatively weak
thermal inversions can limit cloud tops in nature. These
inversions are, in turn, dependent on vertical variations
in water vapor. If parameterizations of the clouds and
convective transports within the model are to be based
on the model representation of the large-scale flow, hav-
ing the model correctly representing the inversions and
moisture gradients will be a significant challenge.
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